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ABSTRACT

The sea surface temperature anomalies (SSTAs) in the tropical Indian Ocean (TIO) show two dominant modes at interan-
nual time scales, referred to as the Indian Ocean basin mode (IOBM) and dipole mode (IOD). Recent studies have shown that
the IOBM and IOD not only affect the local climate, but also induce remarkable influences in East Asia via teleconnections.
In this study, we assess simulations of the IOBM and IOD, as well as their teleconnections, using the operational seasonal pre-
diction models from the Met Office (HadGEM3) and Beijing Climate Center [BCC CSM1.1(m)]. It is demonstrated that the
spatial patterns and seasonal cycles are generally reproduced by the control simulations of BCC CSM1.1(m) and HadGEM3,
although spectra biases exist. The relationship between the TIO SSTA and El Niño is successfully simulated by both mod-
els, including the persistent IOBM warming following El Niño and the IOD–El Niño interactions. BCC CSM1.1(m) and
HadGEM3 are capable of simulating the observed local impact of the IOBM, such as the strengthening of the South Asian
high. The influences of the IOBM on Yangtze River rainfall are also captured well by both models, although this teleconnec-
tion is slightly weaker in BCC CSM1.1(m) due to the underestimation of the northwestern Pacific subtropical high. The local
effect of the IOD on East African rainfall is reproduced by both models. However, the remote control of the IOD on rainfall
over southwestern China is not clear in either model. It is shown that the realistic simulations of TIO SST modes and their
teleconnections give rise to the source of skillful seasonal predictions over China.
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1. Introduction
Sea surface temperature anomalies (SSTAs) in the tropi-

cal Indian Ocean (TIO) exhibit two dominant modes on in-
terannual time scales. The first empirical orthogonal func-
tion (EOF) mode shows a uniform SSTA over the entire TIO
basin, which is referred to as the Indian Ocean basin mode
(IOBM). The second EOF mode—namely, the Indian Ocean
dipole mode (IOD)—exhibits a cooling (warming) off the
Sumatran coast and a warming (cooling) over the western
equatorial Indian Ocean. The IOBM accounts for about 39%
of the total variance of the TIO SSTA, while the IOD explains
about 11%.

The IOBM is believed to be controlled by the El Niño–
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Southern Oscillation (ENSO) (Wallace et al., 1998). During
El Niño, atmospheric convection is suppressed over the In-
dian Ocean, and the resultant increase in solar radiation con-
tributes to the basin-wide warming over the TIO (Chiang and
Sobel, 2002). Forced by the heat flux changes, the warming
of the TIO often occurs during El Niño development and per-
sists after the mature phase of El Niño events (Klein et al.,
1999; Liu and Alexander, 2007). This basin-wide warming
plays an important role in modulating the local and remote
climate. The interannual variability of the South Asian high
(SAH) has been found to be forced by the IOBM (Yang et
al., 2007; Yang and Liu, 2008). When the TIO warms up, the
SAH strengthens and exhibits a southward extension due to
the heating in the boundary layer (Huang et al., 2011). The
basin-wide warming over the TIO also induces an eastward
propagating Kelvin wave, which strengthens the anticyclone
over the subtropical northwestern Pacific and then increases
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the summer rainfall over the Yangtze River valley (Xie et al.,
2009).

The dynamics of IOD events is still unsolved, especially
for its relationship with ENSO. A number of studies have ar-
gued its dependence on ENSO (Allan et al., 2001; Baquero-
Bernal et al., 2002; Dommenget and Latif, 2002; Dommenget
and Jansen, 2009). However, other studies point out the im-
portance of the internal air–sea interaction within the Indian
Ocean basin (Behera et al., 1999; Webster et al., 1999; Ashok
et al., 2003; Yamagata et al., 2003). The IOD not only affects
the local rainfall around the Indian Ocean, such as Australia
(Ashok et al., 2003) and East Africa (Black et al., 2003), but
also influences global climate variability (Saji and Yamagata,
2003) via atmospheric teleconnection with regions, such as
East Asia (Yuan et al., 2008; Qiu et al., 2014) and South
America (Chan et al., 2008).

Considering the remarkable climatic impacts of Indian
Ocean SST modes, they could serve as sources for skillful
seasonal predictions if our operational models can reproduce
a realistic IOBM and IOD and their teleconnections. In this
study, we assess simulations of Indian Ocean SST by two
operational seasonal prediction models, from the Beijing Cli-
mate Center and the UK Met Office respectively. We also ex-
plore how well our models can capture the TIO SST telecon-
nections and whether the simulations of TIO SST modes can
influence the seasonal rainfall predictions over China. The
remainder of the paper is organized as follows:

Section 2 describes the observations, control experiment
and hindcast datasets used in the study. In section 3 we eval-
uate the control simulations of the IOBM and IOD in the op-
erational models. Local and remote climate impacts of TIO
SST in the models are investigated in section 4, with a com-
parison to seasonal forecasting systems. Finally, a summary
and discussion of the results is given in section 5.

2. Data and methods
2.1. Observational data

This study utilizes HadISST (Rayner et al., 2006) for the
observed monthly mean SST, CRU TS Version 4.01 (Harris
et al., 2014) for the observed grid precipitation over land,
and NCEP–DOE Reanalysis-1 (Kalnay et al., 1996) for the
horizontal wind and geopotential height. The horizontal
grid resolutions of these datasets are 1◦ × 1◦, 1◦ × 1◦ and
2.5◦ × 2.5◦, respectively. For consistency with the period of
the Reanalysis-1 data, the common period of 1948–2016 is
analyzed for the observation.

2.2. Operational climate model at the Beijing Climate
Center

Version 1.1 (moderate resolution) of the Beijing Climate
Center’s Climate System Model, i.e., BCC CSM1.1(m), is
currently employed as the operational model for seasonal pre-
diction at the Beijing Climate Center. The model details are
described in Wu et al. (2010). The output from a 400-year
pre-industrial control experiment is analyzed to obtain a ro-

bust assessment of the Indian Ocean SST modes and their im-
pacts in BCC CSM1.1(m). A set of seasonal hindcasts, per-
formed at the beginning of every month, with 24 members
per prediction, from 1991 to 2014, are also assessed. The
hindcast design of BCC CSM1.1(m) is described in detail in
Lu et al. (2017).

2.3. Operational climate model at the UK Met Office
Version 5 of the Global Seasonal Forecasting System

(GloSea5) is the current operational seasonal forecasting sys-
tem of the UK Met Office. The HadGEM3 coupled model
is used in GloSea5. The model details are introduced by
MacLachlan et al. (2015). In an effort to obtain the robust
features of Indian Ocean SST and associated teleconnections
in HadGEM3, a 100-year pre-industrial control experiment is
utilized. Seasonal hindcast experiments of GloSea5 are also
assessed; 24 members are performed for boreal summer (win-
ter), initialized on 25 April (October), 1 May (November) and
9 May (November) from 1992 to 2011. The hindcast design
of Glosea5 is described by MacLachlan et al. (2015).

3. Simulations of the IOBM and IOD
Figure 1 illustrates the climatological SST and horizontal

wind at 850 hPa over the TIO domain. Winds over the north-
ern Indian Ocean reverse direction from northeasterly (Fig.
1a) during boreal winter to southwesterly during boreal sum-
mer (Fig. 1d), which exhibits a typical monsoon climate. As
a result, the trade wind over the TIO is very weak compared
with that over the tropical Pacific, and the annual mean west-
erly wind is evident. Thus, the upwelling is stronger and the
SST is cooler in the western Indian Ocean than in the eastern
side.

The seasonal reversal of low-level wind is generally re-
produced well by BCC CSM1.1(m) and HadGEM3, with
a realistic northeasterly wind in boreal winter and south-
westerly wind in boreal summer. For BCC CSM1.1(m), the
westerly wind between the equator and 10◦S in January is
slightly stronger than in the observations, and the northwest-
erly wind off the Sumatran coast is overestimated (Fig. 1b).
Thus, the thermocline in the eastern Indian Ocean is deeper
in BCC CSM1.1(m) than that observed (Lu et al., 2017),
which implies an underestimation of the air–sea interaction in
the eastern TIO. For HadGEM3, the tropical SST is warmer
than in the observations (Figs. 1c and f). In January, the ob-
served equatorial westerly wind is missed in HadGEM3 (Fig.
1c), leading to the underestimation of the zonal SST gradient
along the equator in boreal winter. In July, the southeast-
ern wind off the Sumatran coast is too strong and an unre-
alistic cross-equator wind over the eastern TIO is evident in
HadGEM3. As a result, the thermocline is shallower (John-
son et al., 2017) than observed and the air–sea interaction in
the southeastern TIO is too active in HadGEM3.

We further evaluate the leading modes of the TIO SST in
BCC CSM1.1(m) and HadGEM3 at interannual time scales.
EOF analysis is performed on the monthly mean SST in the
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Fig. 1. Climatological patterns of SST (units: ◦C) and horizontal wind at 850 hPa (units: m s−1) over the TIO during (a–c)
January and (d–f) July, in the (a, d) observation and the simulations by (b, e) BCC CSM1.1(m) and (c, f) HadGEM3 (c, f).

TIO (15◦S–30◦N, 25◦–120◦E) for all calendar months. To
focus on the interannual variability, the remarkable warm-
ing trend in TIO SST (Du and Xie, 2008) has been re-
moved linearly. As shown in Fig. 2, the two leading modes
in BCC CSM1.1(m) and HadGEM3 show similar features
to the observations. The first EOF mode shows the basin-
wide warming in the observations, which is generally simu-
lated well by both models (Figs. 2b and c). The first EOF
mode in BCC CSM1.1(m) (HadGEM3) explains 25% (24%)
of the total variance, which is smaller than that in the obser-
vation. Du et al. (2013) investigated the leading EOF modes
of TIO SST among CMIP5 models and showed similar re-
sults that the explained variance of this basin mode is under-
estimated by many state-of-the art models that participating
in CMIP5. The observed second EOF mode shows a zonal
dipole feature, with reverse SST changes between the west-
ern and southeastern TIO. Both models generally capture the
zonal dipole pattern in the second EOF mode (Figs. 2e and f).
The second EOF mode in BCC CSM1.1(m) (HadGEM3) ex-
plains 15% (10%) of the total variance, which is comparable
to that in the observation.

Although both models capture the general features of the
observed leading modes, some distinct biases still exist. For
the first mode, the positive signal in BCC CSM1.1(m) locates
in the western TIO, while a weak negative signal occurs in
the eastern basin. As indicated by Du et al. (2013), this bias
pattern is also evident in several CMIP5 models, such as AC-
CESS1.0, HadGEM2-ES, and MPI-ESM-LR. On the other
hand, the pronounced positive signal in HadGEM3 is con-

strained in the central TIO. For the second mode, the negative
signal in BCC CSM1.1(m) locates in the northeastern TIO,
while the observed negative signal locates in the southeast-
ern TIO. In addition, the distribution of the negative signal
is constrained to the east of 80◦E; however, the simulated
patterns show a westward extension of the negative signal
in both models. Efforts have been made to understand the
causes of this cold-tongue-type distribution bias in the simu-
lated EOF2 (IOD).

Previous studies have shown that the wind–evaporation–
SST (WES) feedback is crucial to IOD growth (Li et al.,
2003; Liu et al., 2011). The cooling over the eastern TIO will
induce an easterly wind anomaly, which may then cool the
local SST by increasing the evaporation if the climatological
wind is also easterly. Figure 3 demonstrates the mean state
of the zonal wind at 850 hPa along the TIO during boreal
fall, when IOD events often reach their mature phase. In
the observation, the easterly trade wind is pronounced in the
eastern TIO; however, westerly wind is evident in the cen-
tral TIO. As a result of the inactive WES feedback in the
central TIO, the negative node of the observed IOD mode
is constrained in the eastern TIO. In HadGEM3, the clima-
tological easterly wind is pronounced over the entire TIO.
Thus, the simulated WES feedback is also active in the cen-
tral TIO, which gives rise to the cold tongue distribution in
the simulated EOF2 in HadGEM3. The climatological zonal
wind in BCC CSM1.1(m) is consistent with the observa-
tion overall. However, in the central TIO, an easterly wind
bias is also evident, which may extend the eastern node of the
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Fig. 2. Spatial patterns of the leading two EOF modes for TIO SST in the (a, d) observations and the simulations by (b, e)
BCC CSM1.1(m) and (c, f) HadGEM3. The explained variances are indicated.

Fig. 3. Climatological zonal wind at 850 hPa averaged over
the TIO (10◦S–10◦N) during November in NCEP Reanalysis-1
(black), BCC CSM1.1(m) (green), and HadGEM3 (orange).

simulated IOD in BCC CSM1.1(m). It should be noted that
the mean state biases in zonal wind might also affect the
ocean-current advection. Due to the lack of availability of
three-dimensional ocean data, this effect is not discussed
here.

This strong easterly wind bias in the TIO as shown above
is a common problem for most CMIP5 models (Li et al.,
2015). Their analyses show that such bias can be traced
back to errors in the South Asian summer monsoon (SASM).
The simulated SASM is generally too weak in most mod-
els, which leads to weakened cross-equatorial low-level wind
over the western basin and further generates a warm SST bias

over the western equatorial Indian Ocean. This warm bias
over the western equatorial Indian Ocean is prolonged to the
boreal autumn, when Bjerknes feedback helps amplify the er-
ror into the equatorial easterly bias over the TIO. Following
the above argument by Li et al. (2015), we further explore the
causes of the equatorial easterly bias in HadGEM3. The sim-
ulated summer [June–July–August (JJA)] rainfall over South
Asia (10◦–25◦N, 70◦–90◦E) is 4.3 mm d−1, which is much
weaker than the observed rainfall of 8.8 mm d−1. As a re-
sult of the underestimation of the SASM, the climatologi-
cal SST over the western TIO (10◦S–10◦N, 40◦–60◦E) is re-
markably warmer in HadGEM3 (28.1◦C) than in the observa-
tion (26.4◦C) during boreal summer (JJA). This warm bias is
prolonged to boreal autumn [September–October–November
(SON)], with the mean SST over the western TIO staying
0.7◦C warmer than in the observation. Thus, the equatorial
easterly bias in HadGEM3 is generated by this warm SST
bias over western TIO when Bjerknes feedback becomes ac-
tive during boreal autumn (Li et al., 2015).

Figure 4 illustrates the seasonal cycle of the principle
component (PC) for the two leading modes. The basin-
wide warming mode is strong in boreal winter and spring but
weak in boreal summer and fall, which is simulated well by
both BCC CSM1.1(m) and HadGEM3 (Fig. 4a). The dipole
mode is active during boreal summer and fall in the obser-
vation (Fig. 4b), when the mean upwelling becomes strong
and the mean thermocline is shallow in the eastern TIO [e.g.,
as reviewed by Schott et al. (2009)]. HadGEM3 reproduces
the observed seasonal cycle of the dipole mode. However,
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Fig. 4. Seasonal cycles of the standard deviation of (a) EOF PC1 and (b) EOF PC2 in the observation (black)
and the simulations by BCC CSM1.1(m) (red) and HadGEM3 (blue).

BCC CSM1.1(m) overestimates its amplitude in late winter
and early spring. We further investigate their periodicity fea-
tures by applying wavelet analysis (Fig. 5). To ensure statis-
tical robustness for the computation of spectra (Wittenberg,
2009; Stevenson et al., 2010), simulations with long lengths
are necessary. As a result, the wavelet analysis is performed
upon the whole period for the model simulations. The spec-
trum of the first PC peaks from three years to five years,
which is consistent with the periodicity of ENSO. However,
BCC CSM1.1(m) tends to simulate a quasi-two-year period
for the IOBM, which is much shorter than in the observa-
tion (Fig. 5g). The reason for this periodicity bias is related
to the simulation of ENSO in BCC CSM1.1(m). Due to the
underestimated air–sea interaction over the tropical Pacific,
the period of ENSO in BCC CSM1.1(m) is about two years
(Lu and Ren, 2016a). As a result of the dominant control of
ENSO forcing on the IOBM, the short period bias is also ev-
ident here. On the contrary, HadGEM3 has a peak spectrum
at seven years, which is longer than in the observation. For
the IOD spectrum, a sharp peak of five years is observed (Fig.
5h). However, the simulated IOD spectrum is relatively too
broad in both models. Overall, both BCC CSM1.1(m) and
HadGEM3 are able to simulate the observed IOBM and IOD
as their two leading modes. The spatial patterns and seasonal
cycles are generally captured well by both models, although
biases in the spectra are evident.

We adopt an IOBM index definition as the average of
the SSTAs over (20◦S–20◦N, 40◦–110◦E). We also follow
the definition of the IOD index given by Saji et al. (1999) by
taking the SSTA difference between the western (10◦S–10◦N,

Table 1. Correlation coefficients between the IOBM (IOD) indices
and the PC of the first (second) EOF mode in the observation and
the simulations by BCC CSM1.1(m) and HadGEM3.

OBS BCC CSM1.1(m) HadGEM3

PC1 vs IOBM 0.98 0.95 0.98
PC2 vs IOD 0.87 0.70 0.89

60◦–80◦E) and eastern (10◦S–0◦, 90◦–110◦E) Indian Ocean
regions. As shown in Table 1, these two indices are very good
representations of the two leading modes. Hereafter, these
simplified indices are used to indicate the IOBM and IOD
events in the observations and model simulations.

4. Simulated teleconnections of Indian Ocean
SST modes

4.1. Relationship with ENSO

ENSO is the strongest climatic variability on interannual
time scales, and controls the TIO SSTA via an atmospheric
bridge (Klein et al., 1999; Alexander et al., 2002). Figure 6
illustrates the lag correlation between the Niño3.4 and IOBM
indices. The El Niño-induced surface flux change leads to
a positive phase of the IOBM in boreal winter. The air–sea
interaction over Indo-Pacific oceans sustain the IOBM warm-
ing to boreal summer (Du et al., 2009; Fig. 6a). This so-called
“Indian Ocean capacitor effect” stores the ENSO forcing dur-
ing the previous winter, and further affects the East Asian cli-
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Fig. 5. Interannual variation of the first (red) and second (blue) EOF component in the (a, b) observation
and the simulations by (c, d) HadGEM3 and (e, f) BCC CSM1.1(m). (g, h) Spectra of (g) EOF PC1
and (h) EOF PC2 in the observations (black) and the simulations by BCC CSM1.1(m) (yellow) and
HadGEM3 (green).

mate in boreal summer (Xie et al., 2009). A previous study
showed that this ENSO–IOBM relationship is simulated well
by CMIP5 models (Du et al., 2013). As demonstrated in Figs.
6b and c, both BCC CSM1.1(m) and HadGEM3 capture the
TIO warming following El Niño. This simulated warming
persists during boreal summer as observed, implying realis-
tic Indo- Pacific air–sea interaction in both models.

The relationship between the IOD and ENSO is still a
matter of debate. Some studies emphasize the dependence of
the IOD on ENSO (e.g., Dommenget and Latif, 2002; Dom-
menget, 2011). As shown in Fig. 6, the IOD leads Niño3.4 by
one season in the observation, with a significant lag correla-
tion reaching 0.5 at the 99% confidence level (based on the
Student’s t-test). BCC CSM1.1(m) is able to simulate this
lag correlation, while the IOD–ENSO relationship is weak
in HadGEM3. Given the fact that several IOD events have
occurred without coinciding with ENSO, other studies have

suggested the IOD as an inherent mode of internal variabil-
ity within the TIO (Behera et al., 1999; Webster et al., 1999;
Ashok et al., 2003; Yamagata et al., 2003). The WES and
thermocline feedbacks have been suggested as fundamen-
tal to IOD growth (Li et al., 2003; Liu et al., 2011). A re-
cent modeling study suggested that only one-third of the to-
tal IOD variance is forced by ENSO (Yang et al., 2015).
Here, we find that 43% of all IOD events in the observa-
tion are accompanied by ENSO events. In the simulations
by BCC CSM1.1(m) and HadGEM3, 45% and 35% of all
IOD events co-occur with ENSO events, respectively. Thus,
the dependence of the IOD on ENSO is simulated well.

Recent studies have found that the IOD is not only a pas-
sive response to ENSO, but it can also affect ENSO proper-
ties. Coupled modeling experiments suggest that the ENSO
amplitude is larger with than without IOD forcing (Yu et
al., 2002). As shown in Fig. 7, El Niño events accompanied
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Fig. 6. Lag correlation of the November–January Niño3.4
anomaly with Niño3.4 (black), IOBM (red) and IOD (blue)
anomalies in the (a) observation and the simulations by (b)
BCC CSM1.1(m) and (c) HadGEM3. Thick curves represent
significant correlations at the >99% confidence level based on
the Student’s t-test.

by positive IOD events are generally stronger than pure El
Niño, which is simulated well by BCC CSM1.1(m) (Fig. 7b).
However, La Niña events exhibit similar amplitudes with or
without negative IOD forcing, which is successfully captured
by HadGEM3 (Fig. 7f). Annamalai et al. (2005) pointed out
that El Niño grows faster during boreal fall when coinciding
with an IOD, as opposed to without (also see Fig. 7a), which
is reproduced by BCC CSM1.1(m). There is also evidence
for a more rapid decay of El Niño when associated with an
IOD event than without (Fig. 7a), due to the IOD-induced
easterly wind over the tropical Pacific (Kug and Kang, 2006).
As shown in Figs. 7b and c, this rapid decay of El Niño with
a positive IOD is captured well by both BCC CSM1.1(m)
and HadGEM3. Given the remarkable impact of the IOD on
ENSO, it is often used as a key factor in statistical ENSO
prediction models (Ren et al., 2017).

4.2. Local and remote impacts of the IOBM
Figure 8 compares the geopotential height changes in

the upper troposphere for different phases of the IOBM. The
SAH is evident around the Tibetan Plateau during boreal
summer. The variations and displacements of the SAH lead
to rainfall anomalies over East Asia (Zhang et al., 2002).
Huang et al. (2011) pointed out that IOBM warming results
in a strengthening and southward extension of the SAH (also
see Fig. 8a) via changing the equivalent potential tempera-
ture in the boundary layer. Although the model biases appear
in the specific SAH value, a bigger (smaller) and stronger

Fig. 7. Composites of the evolution of the Niño3.4 anomaly (units: ◦C) for the (a–c) El Niño and (d–f) La Niña years with (red)
or without (blue) the coexistence of IOD years, from the (a, d) observations and the simulations by (b, e) BCC CSM1.1(m)
and (c, f) HadGEM3. The El Niño (La Niña) years are defined when the Niño3.4 anomaly reaches 0.5◦C (−0.5◦C). The IOBM
(IOD) years are defined when the IOBM (IOD) index reaches one standard deviation.
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Fig. 8. Composites of the JJA SAH (units: gpm) in the clima-
tology (black), warm IOBM years (red) and cold IOBM years
(blue), from the (a) observations and the simulations by (b)
BCC CSM1.1(m) and (c) HadGEM3.

(weaker) SAH is reproduced when the TIO warms up (cools
down) in both BCC CSM1.1(m) and HadGEM3. This realis-
tic IOBM–SAH relationship helps to give reasonable IOBM
teleconnections over East Asia.

It is now well known that the IOBM acts as a capacitor
that anchors the impact of ENSO in the previous winter (Xie
et al., 2009). El Niño-induced TIO warming persists to bo-
real summer (Fig. 6) and excites a baroclinic Kelvin wave into
the Pacific, which leads to the strengthening of the anomalous
anticyclone over the northwestern Pacific (Fig. 9a). The re-
sultant southwesterly wind anomaly brings water vapor from
the ocean and enhances the rainfall over the Yangtze River
valley (Fig. 9a). It is interesting that the cooling of the TIO
induces the cyclonic wind anomalies over the northwestern
Pacific, which is not as pronounced as that in the warming
cases (Fig. 9b). This IOBM teleconnection is captured by
half of the CMIP5 models (Du et al., 2013). As shown in
Fig. 9, the atmospheric response to IOBM forcing is success-
fully simulated by HadGEM3, with realistic ACC changes
over the northwestern Pacific and reasonable summer rain-
fall changes over the Yangtze River valley. In the simula-
tions by BCC CSM1.1(m), although the TIO warming (cool-
ing) induces realistic easterly (westerly) wind anomalies over
the TIO, the anomalous anticyclone (cyclone) over the north-
western Pacific is not as strong as in the observation (Figs. 9c
and d). Consequently, the summer rainfall over the Yangtze
River valley increases (decreases) following TIO warming

(cooling); however, the changes are small compared with the
observation. Since the northwestern Pacific subtropical high
(NWPSH) is important for Yangtze River rainfall, it is very
helpful to understand the causes of this weakened teleconnec-
tion between the IOBM and NWPSH in BCC CSM1.1(m).

In a recent review paper, Xie et al. (2016) revealed that the
air–sea coupling over the Indo-western Pacific Ocean plays
an important role in the IOBM–NWPSH teleconnection. Fol-
lowing a Gill-type solution, the TIO warming can induce an
easterly wind anomaly from the western Pacific to the north-
ern TIO. On the one hand, this easterly wind anomaly further
warms the TIO SST by reducing the local evaporation over
the northern TIO, because the climatological wind is west-
erly due to a strong South Asian monsoon. On the other
hand, this easterly wind anomaly increases the evaporation
and cools the SST over the tropical northwestern Pacific due
to the strong climatological trade wind. In turn, the warm-
ing over the TIO and cooling over the northwestern Pacific
amplify the easterly wind anomaly, which then stimulates the
strengthening of the NWPSH (Du et al., 2011). Thus, the
IOBM-induced easterly wind anomaly is an indicator of the
air–sea coupling over the Indo-western Pacific Ocean. Be-
cause of the asymmetric responses of the NWPSH to TIO
warming and cooling phases, Fig. 10 focuses on the TIO
warming cases. In the observation, the easterly wind anomaly
over the Indo-western Pacific Ocean is significantly corre-
lated (99% confidence level; Student’s t-test) with the TIO
SSTA. HadGEM3 basically captures this relationship, but it
is not so robust in BCC CSM1.1(m). This weak air–sea cou-
pling over the Indo-western Pacific Ocean explains the un-
derestimation of the NWPSH response to TIO warming in
BCC CSM1.1(m).

Next, the IOBM-induced circulation changes in the mid-
dle troposphere are investigated. Figure 11 demonstrates the
configuration of the geopotential height at 500 hPa during
warm and cold phases of the IOBM. In the observation,
two dominant circulation patterns are evident during warm
IOBM events. In the meridional direction over East Asia,
the geopotential height anomalies show a high–low–high pat-
tern from the tropics to the midlatitudes, which resembles
the so-called “East Asia–Pacific” pattern (Huang and Sun,
1992). In the zonal direction, a stronger Urals blocking high
(UL) and Okhotsk blocking high (OB) are observed when
the TIO warms up. Previous studies have suggested that
the “high–low–high EAP” pattern and strengthening of the
UL and OB lead to the convergence of cold and warm air
over Yangtze River valley (Zhang and Tao, 1998; Zhao et
al., 2016). As a result, the configuration of the circulation
induced by TIO warming is conducive to abundant rainfall
over the valley. In the simulations by BCC CSM1.1(m) and
HadGEM3, the “high–low–high” tripole EAP pattern is not
captured well. Instead, a “high–low” dipole pattern occurs
under TIO warming. Thus, the strengthening of the OB is not
simulated by both models. The stronger OB is simulated by
HadGEM3, but the amplitude is largely underestimated. In
BCC CSM1.1(m), the OB remains unchanged. For the neg-
ative phases of the IOBM, the observed configuration of the



AUGUST 2018 LU ET AL. 1043

Fig. 9. Composites of JJA rainfall (units: mm month−1) and horizontal wind at 850 hPa (units: m s−1) during (a, c, e)
warm IOBM years and (b, d, f) cold IOBM years, from the (a, b) observations (land only) and the simulations by (c, d)
BCC CSM1.1(m) and (e, f) HadGEM3.

Fig. 10. Scatterplot of the zonal wind anomaly at 850 hPa averaged over the Indo-western Pacific Ocean (5◦–15◦N,
80◦–130◦E) against the IOBM indices in the (a) observation and the simulations by (b) BCC CSM1.1(m) and (c)
HadGEM3. The straight lines indicate the linear trend. The correlation coefficients are given in parentheses. It should
be noted that only the warm phases of the IOBM are shown here, due to the asymmetric responses of the East Asian
climate to the cold and warm TIO forcing.
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Fig. 11. Composites of JJA climatological (contours) and anomalous (shading) geopotential height at 500 hPa during
(a, c, e) warm IOBM years and (b, d, f) cold IOBM years, from the (a, b) observations and the simulations by (c, d)
BCC CSM1.1(m) and (e, f) HadGEM3.

circulation at 500 hPa is simulated well by BCC CSM1.1(m).
The realistic simulations of the IOBM and its teleconnec-

tions enable skillful seasonal predictions of the East Asian
climate during boreal summer by the seasonal prediction sys-
tems of BCC CSM1.1(m) and GloSea5 (the operational sys-
tem at the UK Met Office using HadGEM3). As illustrated
by Table 2, when initialized in May, the correlation skill of
the IOBM is as high as 0.9 for both models. The variation of
the NWPSH is predicted well by GloSea5, with the correla-
tion skill reaching 0.9. Due to the weak biases of the IOBM-
induced ACC over the northwestern Pacific, the prediction
skill of the NWPSH is slightly lower than that of GloSea5.
However, the correlation skill still reaches 0.7, which is sig-
nificant at the 99% confidence level using the Student’s t-test.
The successful prediction of the NWPSH offers realistic wa-
ter vapor transport. Thus, GloSea5 and BCC CSM1.1(m) are
capable of predicting the variation in summer rainfall over
Yangtze River valley (Li et al., 2016), with the correlation
skill reaching 0.54 and 0.47, respectively.

4.3. Local and remote impacts of the IOD
Previous studies have shown important climatic im-

pacts of the IOD (Saji and Yamagata, 2003), including the
severe East African flood during the two strongest pos-
itive IOD years in 1994 (Behera et al., 1999) and 1997

Table 2. Correlation skill of the IOBM, SLP over the north-
western Pacific (10◦–20◦N, 130◦–155◦E), and the Yangtze River
rainfall (25◦–35◦N, 91◦–122◦E) during boreal summer from the
BCC CSM1.1(m) and GloSea5 seasonal forecasts when initialized
in May.

SLP over Precipitation
northwestern over the Yangtze

IOBM Pacific River

BCC CSM1.1(m) 0.86 0.73 0.47
GloSea5 0.90 0.89 0.54

(Birkett et al., 1999; Webster et al., 1999), and the drought in
2016 (Lu et al., 2017). Figure 12 illustrates the rainfall and
wind anomalies during boreal fall during IOD events. The
impact from ENSO has first been removed by linear regres-
sion. It is clear that a positive (negative) IOD induces easterly
(westerly) wind anomalies over the equatorial Indian Ocean,
which brings above-normal (below-normal) rainfall over East
Africa during boreal fall. The influence of the IOD on East
African rainfall has been reproduced in some model simula-
tions (Latif et al., 1999; Ummenhofer et al., 2009). Here, it
is demonstrated that this IOD–East Africa rainfall relation-
ship is reproduced well by BCC CSM1.1(m) and HadGEM3
(Fig. 12). As a result, real-time predictions based on these
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Fig. 12. Composites of SON rainfall (units: mm month−1) and horizontal wind at 850 hPa (units: m s−1) during (a, c,
e) positive IOD years and (b, d, f) negative IOD years, in the (a, b) observation (precipitation over land only) and the
simulations by (c, d) BCC CSM1.1(m) and (e, f) HadGEM3. The influence of ENSO has first been removed by linear
regression.

two models captured the 2016 East African drought two sea-
sons ahead (Lu et al., 2017).

During positive IOD events, the cooling in the eastern
TIO induces equatorial easterly wind and excites cyclonic
wind anomalies over the Bay of Bengal (BOB) following a
Gill-type response (Gill, 1980). As a result, the northern BOB
is controlled by westerly wind anomalies (Fig. 12a), which
intensify the India–Burma trough and increase the rainfall
over the eastern Indochina Peninsula and southwestern China
(Qiu et al., 2014; Lu and Ren, 2016b). As shown in Fig.
13, the observed southwestern China rainfall during boreal
fall is significantly correlated with the IOD index. However,
this relationship is not simulated by either BCC CSM1.1(m)
or HadGEM3 (Figs. 13b and c). Consequently, the south-
western China rainfall during boreal fall is not predicted well
by the seasonal prediction systems using these two mod-
els. The prediction skill is as low as 0.35 in the hindcast
by BCC CSM1.1(m), which is insignificant even at the 90%
confidence level.

5. Summary and discussion
The SST variations in the TIO not only affect the lo-

cal climate around the Indian Ocean region, but also induce
global impacts, including East Asia. Given the important role

of the TIO SSTA in modulating the climate anomalies, it
is necessary to assess how well the major TIO SST modes,
as well as their teleconnections, are simulated by our op-
erational models. In this study, the control experiments of
BCC CSM1.1(m) and HadGEM3 are evaluated.

It is demonstrated that the climatological monsoonal
wind and SST patterns are generally simulated well by
BCC CSM1.1(m) and HadGEM3. The leading two modes
at interannual time scales, the IOBM and IOD, are also re-
produced well by both models. Similar to the observations
and most CMIP5 models (Du et al., 2013), the simulated first
EOF mode shows a basin-wide pattern, while the simulated
second mode exhibits a zonal dipole pattern. The explained
variances of the simulated first EOFs are smaller than in the
observations, which is a common bias for many CMIP5 mod-
els (Du et al., 2013). The explained variances of the simulated
second EOFs are comparable to the observations. The sea-
sonal cycles of the IOBM and IOD variability are captured
well by both models, except that BCC CSM1.1(m) overesti-
mates the IOD variability in boreal winter and early spring.
Following the periodicity biases in ENSO simulations (Lu
and Ren, 2016a), the periodicity of the IOBM is also too short
compared with the observation. The spectrum of IOD vari-
ability is not captured by either model.

The SST variation in the TIO is tightly connected to
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Fig. 13. Scatterplots of the precipitation over southwestern China (24◦–28◦N, 103◦–109◦E) against the IOD indices in
the (a) observation and the simulations by (b) BCC CSM1.1(m) and (c) HadGEM3. The linear fitting line is indicated.

ENSO. Like most CMIP5 models (Du et al., 2013), the per-
sistent IOBM warming following El Niño is successfully sim-
ulated by both models. The dependence of the IOD on ENSO
is reproduced by BCC CSM1.1(m), implying the presence of
realistic IOD dynamics. IOD events in HadGEM3 are more
independent of ENSO forcing, indicating strong air–sea inter-
action within the Indian Ocean basin (Johnson et al., 2017).
The IOD can also feed back to ENSO. The faster decay of El
Niño with the coexistence of the IOD (Kug and Kang, 2006)
is reproduced by both models. BCC CSM1.1(m) also cap-
tures the relationship of a stronger El Niño when coinciding
with an IOD event rather than without (Yu et al., 2002). The
realistic TIO SST–ENSO relationships indicate the successful
representation of TIO–Pacific feedbacks in BCC CSM1.1(m)
and HadGEM3.

Observational evidence shows that IOBM warming can
affect local impacts, such as a strengthening of the SAH,
which is simulated well by both models. The IOBM warm-
ing induces easterly wind anomalies over the TIO and north-
western Pacific, which intensifies the NWPSH and increases
the summer rainfall over the Yangtze River valley (Xie et al.,
2009). Like half of the CMIP5 models (Du et al., 2013), this
so-called “Indian Ocean capacitor” effect is simulated well
by HadGEM3. As a result, the Met Office seasonal predic-
tion system (GloSea5) based on this model shows high skill
in predicting the NWPSH and Yangtze River summer rain-
fall. In BCC CSM1.1(m), the response of the NWPSH to
IOBM forcing is weaker than observed, and thus the predic-
tion skill of Yangtze River summer rainfall is slightly lower
than that in GloSea5. For the impact of the IOD, both models

successfully capture the response of East African rainfall to
IOD forcings. However, the control by the IOD of the precip-
itation over southwestern China during boreal fall is not clear
in either model. Consequently, the prediction skill of precipi-
tation over southwestern China during boreal fall is relatively
low. Our results suggest that realistic simulations of the TIO
SSTA and its impact are the foundation of skillful seasonal
predictions.
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